The Waldkirch earthquake on 2004 December 5 at 1:52 UTC with M L = 5.4 was the strongest earthquake in Baden-Württemberg since 1978. It was followed by a large number of aftershocks. We were operational in field only 14 hr after the main shock for recording aftershocks. The aim of that field campaign was to test the performance of our newly developed system and to compare the results obtained by one small aperture seismic array to a standard aftershock network. More than 700 microearthquakes were recorded within a period of about 39 hr, the largest with magnitude M L = 3.0. Events with negative as well as positive polarities were identified as a result of alternating radiation patterns of the focal mechanisms. The analysis of the events was carried out with a statistical approach because of the high amount of events. Similarity matrices sorted by time reveal no significant event clustering, whereas matrices, rearranged by dendrograms according to the cross-correlation coefficients indicate that a part of the aftershocks are spatially clustered. An investigation of the chronological occurrence of these spatially clustered events shows a continuous seismic activity for the duration of measurement. The mean depth of the seismogenic zone could be determined to 11.1 km using t S -t P time differences. A relative location of aftershocks provides evidence for a WNW-ESE oriented fault plane direction and confirms the orientation of a nodal plane of the main shock. This Subhercynian direction is a predominant structure in the Black Forest and can be observed on many faults and mineral dykes. Our results coincide well with observations from the permanent and a temporarily installed network, which was operational 2 d after the main shock.
I N T RO D U C T I O N
On 2004 December 5, at 1:52 UTC, an earthquake with M L = 5.4 (M W = 4.6) occurred near the town Waldkirch and struck the southwestern part of Germany, Alsace and the northern part of Switzerland (Fig. 1) . It was the strongest earthquake in BadenWürttemberg since the M L = 5.7 Swabian Jura earthquake in 1978 (Haessler et al. 1980; Turnovsky & Schneider 1982) and was felt within a radius of 200 km with a maximum intensity of I 0 = VI (EMS-98) (Schwarz et al. 2006) . In the Black Forest, I 0 = VI is the maximum intensity reached in historical times (Schneider 1968) . Despite the relative large magnitude only a few damages were reported. The reasons are the remote location of the epicentre in a sparsely populated area and the low vulnerability of most of the buildings (Schwarz et al. 2006) .
The region is monitored continuously by a local permanent network operated by the Earthquake Survey (LED) of the State Bureau of Geology, Natural Resources and Mining in Freiburg. The location inaccuracy of this network is less than 1 km for events that occure within the network, depending on the station coverage and available phases (Brüstle & Stange 2002) . The location error of the focal depth is in the range of 1-3 km even if the event is situated within the network and recorded by a good station coverage (Stange & Brüstle 2005) . In addition to the existing permanent network, 12 short-period sensors were installed temporarily by the German Task Force for Earthquakes hosted at GeoForschungsZentrum (GFZ) in Potsdam, two broad-band stations by the Federal Institute for Geosciences and Natural Resources (BGR) in Hannover and two stations by the LED (Fig. 1) . These stations were operational about 2 d after the main shock and were dismantled in 2005 January. 232 aftershocks (M L > 0.5) were detected until 2005 September, whereby 80 events in the range 1.2 ≤ M L ≤ 3.2 could be localized (Benn 2006) .
At that time, only one monitoring system (small array) was available at our institute. We installed this system in the epicentral zone only 14 hr after the main shock (Fig. 1 ). This response is quite fast considering the origin time of the main shock of 1:52 UTC and the decision for a field campaign in the morning of 2004 December 5. The motivation of this study was to compare the results obtained with the small array to the results of the standard temporary and permanent network. The intention was not to question or replace the standard techniques of seismic aftershock monitoring, rather to test if small arrays could complement them.
Data was recorded continuously from 2004 December 5 16:00 UTC to 2004 December 7 06:30 UTC using a sampling rate of 400 Hz and bridged the time period until the temporary network was operational. The small array consisted of one central threecomponent (SNC) and three one-component (SNW, SNN and SNE) seismometers that were arranged tripartitely around the central station. The mean distance from centre to outposts was about 74 m. This kind of small aperture seismic array is successfully tested for On-Site-Inspections of the Preparatory Commission for the Comprehensive Nuclear-Test-Ban Treaty Organization and was applied to characterize small impact events triggered by salt dissolution along the Dead Sea shores by Wust-Bloch & Joswig (2006) . The depth of the main shock was determined to 9 km by the LED. Due to the short epicentral distance of 800 m, compared to the hypocentre depth, time differences between P onsets at the four seismometers are too small to perform an accurate absolute location. In spite of this difficulty a conclusion about the temporal and spatial seismic evolution as well as the fault plane orientation can be made with a combination of similarity analysis and relative location.
In this study, we compare our results with the seismic bulletin of the LED taken from their website (http://www.lgrb.uni-freiburg.de, LED).
S E I S M O T E C T O N I C F R A M E W O R K
The epicentre of the Waldkirch earthquake is located about 6 km ESE of the town Waldkirch in the Black Forest, which is in turn situated 14 km NE of the city Freiburg im Breisgau. The earthquake occurred near the Kandel, the highest elevation in the middle Black Forest consisting mainly of Pre-Variscan (>416 Ma) paragneisses. The Upper Rhine Graben, one of the major SSW-NNE striking rift structures in Western Europe borders the Black Forest to the west (Fig. 1) . The Rhine Graben was developed during the late Eocene (about 35 Ma) in a complex interaction with the Alpine folding. Further predominant orientations close to the epicentre are the SW-NE striking geomorphologically pronounced Elztal valley (Fig. 1) , and the SE-NW striking Hercynian structures that exist since Miocene (about 23 Ma) (Geyer & Gwinner 1991) .
This southwestern part of Germany is tectonically characterized by one of the highest seismicity rates in central Europe (Grünthal & Bosse 1997) , but magnitudes greater 5 are exceptions. Historically, the seismicity in the Upper Rhine Graben is concentrated rather on the east of the Rhine river than on the west side. In the Black Forest, hypocentre depths vary between shallow as well as deep crustal events (Bonjer 1997) . A first motion fault plane solution for the main shock was determined by the LED with NP1 12/75 and NP2 106/76 (strike/dip) showing predominantly strike-slip character (Fig. 1) . A similar orientation provided the moment tensor solution calculated by the Swiss Seismological Service (Baer et al. 2005) . Hence, the main shock occurred either on a sinistral slip on a NNE-SSW, or on a dextral slip on a WNW-ESE striking fault zone. From the geological/tectonic information it is not possible to decide between these two rupture directions, which makes an aftershock study necessary. The strike-slip character incorporates well into the regional and local stress regime. In the period 1976-1992, four larger events, M L = 3.1 on 1979 January 27, M L = 2.8 on 1989 March 11, M L = 2.8 on 1989 April 7 (Plenefisch & Bonjer 1997 ) and M L = 2.9 on 1992 June 6 (Leydecker 2008) occurred in the vicinity of the epicentral area, whereby three out of four events showed a strike-slip character. The direction of maximum compressive stress was determined by Ahorner (1975) to 142
• ± 20
• for Central Europe and in the Rhine area to a NW-SE compression by Grünthal & Stromeyer (1992) . Plenefisch & Bonjer (1997) investigated focal mechanisms of 98 earthquakes in the Rhine Graben area and showed that most of the events have a strike-slip and normal faulting character with the maximum principle stress at about 150
• . These directions, derived mainly from focal mechanisms of earthquakes, are in agreement with in situ measurements that represent the stress behaviour within undisturbed crustal units carried out by Illies & Greiner (1978) in the Rhine Graben and the Alpine System. They determined the direction of greatest principal stress to 153
• ± 19
• at a site about 25 km SW of the Waldkirch earthquake.
M E A S U R E M E N T P E R F O R M A N C E A N D F R E Q U E N C Y-M A G N I T U D E D I S T R I B U T I O N
In the measurement period of about 39 hr, starting 14 hr after the main shock, 746 events in the range -1.7 ≤ M L ≤ 3.0 were detected. The short aperture of the small array of about 150 m compared to the hypocentre depth of 9 km does not provide an accurate absolute location of the aftershocks (error range about ± 4 km in horizontal and vertical direction). However, magnitudes could be calculated with the distance determined by t S -t P time differences and the standard velocity model bw1 for Baden-Württemberg (Brüstle & Stange 2002) . During the measurement period, seven events with magnitudes larger M L = 1.9 have also been reported by the permanent network of the LED. Compared to our magnitude determinations, the maximum magnitude difference is 0.4. Magnitudes of both datasets are computed in an analogous manner (Stange 2006; Wust-Bloch & Joswig 2006 ). The magnitude difference might be explained by our single station magnitude determination. In short epicentral distance, a slight variation of the radiation pattern can have a large influence on the S phase amplitude. Fig. 2 shows the cumulative frequencymagnitude distribution (left y-axis) and the temporal distribution of the recorded events (right y-axis). The majority of aftershocks are in the range of -0.8 ≤ M L ≤ 0.6. The minimum magnitude of complete reporting (M C ) is M L = -0.2 determined with the entiremagnitude-range method (Woessner & Wiemer 2005) . To achieve robust results, not biased by the incompleteness of the catalogue, only events equal or greater than the M C (M L ≥ -0.2) were considered. From the 746 events 420 events remained. In addition, further 61 events had to be excluded from the catalogue due to data processing reasons and the fact that some events occurred shortly one after another, which resulted in mixed P and S phases. 359 events were available for further analysis.
The relationship between earthquake magnitude and frequency of occurrence is described by the Gutenberg Richter law: logN = abM, where N is the number of earthquakes with magnitudes larger or equal than M, a describes the seismic productivity and b, the slope of the graph, describes the relative size distribution of events (Ishimoto & Iida 1939; Gutenberg & Richter 1944) . A b-value of 0.78 ± 0.07 was calculated using the maximum-likelihood method (Aki 1965) . This b-value is in agreement with the b-value of 0.71 given by Ahorner (1975) for the Upper Rhine Graben but is low compared to 1.0 ± 0.17 determined by Benn (2006) 
It is well known that b-value comparisons should be made with catalogues having equal M C 's. However, there is no significant break in both frequency-magnitude slopes, further, we calculated a similar b-value for M C = 1 which legitimates a comparison of both catalogues. As a conclusion, we suggest that the increase of the b-value is rather a natural than an artificial effect.
If larger aftershocks occur shortly after a main shock, the b-value is smaller for the earlier than for the later sequence (Wang 1994) . Shcherbakov et al. (2006) sequence is an oversimplification, which does not reflect the complex heterogeneous internal structure. There are large variations of the physical properties along the strike of an aftershock zone, as for example stress and pore pressure variations (Wiemer & Wyss 2002) . This means that the different b-values do not necessarily display just a temporal but also a spatial variation due to different observation periods, which is well known and shown in many studies (e.g. Wiemer & Katsuma 1999; Enescu & Ito 2003) . Considering the station KIZ and our observation, we can exclude different observation periods.
A reason for the rising b-value might be fluid or gas movements that were released by the main shock and were then injected into the seismogenic layer (Miller et al. 2004 ). This assumption would require a deep source of trapped fluids. Fluids and a high geothermal gradient come along with high b-values. Schlegel et al. (2007) show that there is fluid migration which is driven by large-scale tectonic processes and a resulting complex fault system in this area. Stober & Bucher (2004) observed a saturated fracture system of the Variscian crystalline basement with a NaCl brine 1600 m below the surface about 20 km ESE of the epicentre. Illies & Greiner (1978) note that in the central segment of the nearby Rhine Graben hydrocarbons and deep thermal ground waters are often under hydrostatic overpressure. Investigations of the hydraulic properties at two deep research boreholes (KTB) demonstrated that the fractured rock of the continental crystalline crust act as an aquifer (Stober & Bucher 2005) . At the surface, the high hydrothermal and tectonic activity can be observed with numerous mineral dykes with varying directions between N-S and E-W which were developed in different complex phases beginning in the upper Carboniferous/Permian (about 306 Ma) and reaching to the Quaternary (<2.6 Ma) (Werner & Franzke 2001 ).
D E P T H O F S E I S M O G E N I C Z O N E
The position of the small array can be assumed to be equal the epicentre in good approximation due to the short epicentral distance of 0.8 km. The majority of immediate aftershocks belong directly to the base of the seismogenic layer (Doser & Kanamori 1986) . This means that the t S -t P time difference contains important information about the hypocentral distance and therefore yields an accurate depth estimation of the seismically active area (Utsu 1961) . Fig. 3 shows the temporal t S -t P distribution of the events determined by manual phase picks at the three component station SNC. There is a concentration of events at a t S -t P time difference of about 1.5 s, a few events are further away. Kisslinger (1996) divided aftershocks occurring during the first one or 2 d into Class 1, representing the main shock rupture surface by their distribution. However, there is an ongoing discussion about how accurately the rupture plane is represented by the aftershock distribution (e.g. Liu et al. 2003) . Class 2 events are located outside the section of initial slip demonstrating the growth of the original aftershock zone and Class 3 are triggered events on faults that are not directly correlated to the main shock plane. We assume that the distant events belong to Class 2 and 3, and the events aligned at about t S -t P 1.5 s to the main shock plane (seismogenic zone). This assumption is also supported by the high waveform similarity as discussed below. The upper boundary of Class 1 defines the basis, the lower boundary the top of the seismogenic zone (two black lines in Fig. 3 ). To minimize phase pick errors the mean of the ten largest and smallest t S -t P time differences, 1.646 and 1.464 s, respectively, was calculated for boundary determination. Only events shown as black crosses were taken into account. The upper boundary corresponds to a depth of 13 km and the lower boundary to 11.4 km (see right y-axis in Fig. 3 ), using the standard velocity model bw1. The phase pick error for the P onset is about ±2 samples (5 ms) and for the S onset about ±6 samples (15 ms). This error of ±8 samples results in an inaccuracy of the upper, respectively the lower, boundary calculation of the seismogenic zone of 170 m. With the elevation of 1.108 km a.s.l. of SNC, the mean depth of the seismogenic layer is 11.1 km. This is in agreement with the depth of 9 km determined by event location and the depth between 11 and 12 km determined by macroseismic observations by the LED (Benn 2006 . Diagram displays t S -t P time differences versus measurement period. The black crosses define the main shock plane, which is bounded by two lines. Grey crosses are considered as events that do not belong directly to the seismogenic zone. Depth and t S -t P time differences are related to SNC (1.108 km a.s.l.). communication, 2008) used the anisotropic behaviour of Pn travel times and calculated a depth of 14 km ± 2 km with P-and S-phase inversions. The Swiss Seismological Service computed a focal depth of 12 km, which corresponds to the best fit of the moment tensor inversion (Baer et al. 2005) . Wells & Coppersmith (1994) made a comprehensive study about the relationship of source parameters. They established an empirical relationship of M W to the downdip rupture width, defined for 4.8 ≤ M W ≤ 8.1. We extrapolated the regression to M W = 4.6 and achieved a subsurface rupture width of 2 km ± 0.2 km. This agrees remarkably well with our in a different manner determined rupture width of 1.6 km.
In order to test if the calculation reflects the vertical and not the lateral prolongation of the seismogenic zone, the t S -t P time difference was calculated for a location shifted laterally 1.6 km from the hypocentre in a depth of 12.2 km (related to SNC). This location has a slant distance of 12.3 km and a corresponding relative t S -t P time difference to the vertical path of only 0.012 s indicating that the t S -t P observation is clearly attributed to the rupture width and also justifies the assumption of the same epicentre coordinates for the main shock and the small array.
R E V E R S E D P O L A R I T I E S
A peculiarity of the recorded events is the occurrence of alternating P onset polarities. There is no time dependency of one polarity, they appear temporarily randomly distributed. Fig. 4 shows an example for both types of events with the vertical components of all four stations. Example (a) displays an event with a negative polarity. This type was observed at 85 per cent (305 events) of all events. A positive polarity could be observed for the remaining events (54 events). The classification was performed automatically. The sign of the sum of the first four samples after the P onset at SNC was taken as classification criteria. All P onsets were picked manually and the data was bandpass filtered between 1 and 100 Hz for this analysis. It turned out that, beside many other tested algorithms, this simple method was the most reliable one. Remarkable is the high waveform similarity between some events with positive and reversed negative polarity, respectively vice versa. Example (b) in Fig. 4 shows an event with a positive polarity and the reversed polarity of example (a) overlaid in grey dashed line. The waveform similarity is obvious, even in high frequencies. This high similarity demonstrates that the two different polarities indicate no spatial offset, rather a change in the radiation pattern of the focal mechanism caused by the variation of NP1 relative to the position of the small array. For events with a positive polarity, the small array is situated within the compressional, for events with a negative polarity, and a higher strike angle of NP1, within the dilatational quadrant. This observation conforms to fault plane solutions calculated for several aftershocks by Benn (2006) .
S I M I L A R I T Y A N A LY S I S

Techniques
The high apparent velocity, that is, a small time difference between P onsets at the four seismometers, makes an accurate absolute event location impossible. We therefore chose another approach by using the high waveform similarities of the aftershocks. The aim was to gain information about the temporal and spatial behaviour of the seismicity within the seismogenic zone. If two waveforms are similar to each other (doublet), they have similar source processes indicating a repeated rupture of the same fault patch (Geller & Mueller 1980) . The larger the spatial offset or the greater the difference of the focal mechanisms of two events, the more differentiated are the waveforms. This effect also occurs when the rock properties change, for example, through pressure fluctuations. A quantitative measure of the similarity of two events can be obtained with the cross-correlation. It can be evaluated either in frequency domain (e.g. Poupinet et al. 1984; Scherbaum & Wendler 1986; Fremont & Malone 1987) or in time domain (e.g. Pechmann & Kanamori 1982; Deichmann & Garcia-Fernandez 1992) .
Cross-correlation in time domain was used because the precision due to the digitization sampling interval of 2.5 ms is accurate enough for a high resolution. We did not take the common way to choose a time window containing the P and S onset separately. Instead, a window length of 1.8 s was chosen that contains both, P and S onset in order to exploit the t S -t P information due to the position of SNC. With this choice the t S -t P information is included in the cross-correlation, but as a consequence, the P coda, converted phases and phases, which did not take the direct path to the station, has an undesirably large influence on the calculation and biases the result. A compromise was found by padding the seismograms between 0.2 and 1.4 s after the P onsets with zeroes to minimize the influence of the P coda. A sliding time window of ±12.5 ms was used whereby the window length was selected in that way that it is long enough to absorb imprecise phase picks and short enough not to correlate different phases. The analysis was performed with the vertical component of SNC. As will be seen later, the S phase is also strongly pronounced on the vertical components. Seismograms were filtered between 5 and 25 Hz. The maximum cross-correlation coefficient within the time lag of the sliding window was taken as the quantity of similarity of two events. A comparison of the cross-correlation coefficients versus magnitudes shows the tendency of an increasing cross-correlation coefficient with increasing magnitude. This behaviour occurred even by considering one-bit signals to completely disregard the influence of amplitudes (Campillo & Paul 2003) . The reason is the low signal-to-noise ratio of small magnitude events.
Results and interpretation
The correlation was performed as described in Section 6.1, the two polarities separately to discriminate between weakly correlated and reversed events as well as to prevent the correlation of positive and negative polarities due to the sliding window. Fig. 5 displays the result of the similarity analysis for events with a negative polarity on the left and events with a positive polarity on the right-hand side. Fig. 5(a) shows the correlation matrices, sorted by time, with a cross-correlation coefficient ranging from 0 to 1. Many waveforms are similar to each other, both events with negative and positive polarities. The low cross-correlation coefficient of some events is either caused by a low signal-to-noise ratio or a large spatial offset. Beside a few multiplets there is no clustering visible, which means that the majority of the seismicity is temporarily uncorrelated distributed along the main shock plane. A dendrogram analysis was used to sort the events (Schulte-Theis 1996; Rowe et al. 2002) . This method uses a least distance algorithm in similarity space to display clusters (families), events with high cross-correlation coefficients, as a hierarchical cluster tree. Fig. 5(b) shows the dendrograms for each similarity matrix of Fig. 5(a) . In general, the waveform similarities of events with a negative polarity are higher (mean cross-correlation coefficient: 0.36) than those with a positive polarity (mean cross-correlation coefficient: 0.21). This is probably based on the more complex waveforms of some of the events with a positive polarity, which we observed on the seismograms. It is not possible to give a general threshold value for which events can be considered as similar, because too many parameters, for example, selected time window, filter characteristics and analysis method influence the result. A visual waveform inspection has shown that events with a cross-correlation coefficient larger than 0.6 can be considered as similar. The sub branches with a cross-correlation coefficient larger than 0.6 for events with a positive polarity are coloured to highlight different clusters (Fig. 5b) . The threshold for events with a negative polarity was enlarged to 0.88 to achieve a more detailed resolution. If only multiplets and no doublets and triplets are taken into account, because of the poor statistical significance, there are four clusters with negative and three clusters with positive polarity. The events in the similarity matrices of Fig. 5(a) are rearranged in the order of the computed dendrograms and shown in Fig. 5(c) . The distinct clusters indicate that the spatial distribution of the seismicity along the seismogenic zone is concentrated in some areas. These areas probably display zones where the main shock slip is low, delineating zones of maximum displacement on the main shock fault (Mendoza & Hartzell 1988; Dreger 1997) .
The reason for including the S onset in the time window used for cross-correlation was to gain information about the depth distribution of the different clusters. To verify if the clusters differ in the t S -t P time differences, the normalized seismograms, ranging from -1 to 1, are displayed in Fig. 6 (with waveforms between 0.2 and  1.4 s) . The upper part displays the events with a negative polarity (blue), the seismograms below the horizontal black line events with a positive polarity (red). Individual clusters are separated by dashed lines. On the left y-axis the number of cluster with the amount of events in parenthesis is indicated. The stacked seismograms of cluster 1 clarify the seismogram section, which was taken for similarity analysis (filtered between 5 and 25 Hz, y-axis not in scale). Although this is the seismogram stack of the vertical component, the S phase is clearly identifiable. The same t S -t P time differences within the clusters and varying time differences between different clusters are obvious even though the difference between cluster 1 and 2 of the events with a negative polarity is marginal, as can also be seen in the dendrogram in Fig. 5(b) . The less pronounced P onsets of events with a positive polarity are due to the alleviated P-phase amplitude relative to the S-phase amplitude.
Altogether, the clusters represent a spatial concentration of seismic events in different depths. We analysed the temporal occurrence of the clusters to investigate if there is a temporal migration. Most of the events within the clusters are temporarily distributed over the whole measurement period which can also be seen in the similarity matrix in Fig. 5(a) . This means that there was no temporal migration, rather a simultaneous seismic activity within the seismogenic zone.
FAU LT P L A N E O R I E N TAT I O N
As mentioned above, time differences between P onsets at the four seismometers do not allow an accurate absolute location. With the similarity analysis, information about the vertical dimension, but no conclusion about the lateral orientation of the seismogenic zone was achieved. A relative location was performed with the master event technique to discriminate between NP1 and NP2. We used a graphical approach instead of a least-square solution. The method of absolute location is described in Joswig (2008) . The principle procedure of the applied relative location technique is illustrated with P onsets in Fig. 7 . One hyperbola is created by two t P information (hyperboloid in 3-D space). The small array consists of four seismometers, therefore four P onsets are available. As a consequence of the combination of all pairs of P onsets there are six hyperbolae (black lines) (Joswig 2008) , which intersect in four triple points in the present case. Once a master event is chosen and the absolute position is determined (black cross), the seismogram traces of a slave event are overlaid interactively over the master event and shifted relatively to best possible overlap. This can be done with a time increment of five times the sampling rate (0.5 ms). According to the master event, the four P onsets of the slave event result in six hyperbolae (red lines). For each hyperbolae difference (between master and slave event) a dislocation vector is calculated (green dashed lines). The spread of the dislocation vectors displays the goodness Dendrograms showing the hierarchical cluster tree. Similarity increases from top to bottom. Sub branches are coloured with a similarity threshold of ≥0.88 for events with a negative polarity and ≥0.6 for events with a positive polarity, respectively. (c) Similarity matrices of (a) sorted by the order calculated in (b) denoting clusters with more than three events in black squares. and the stability of the solution. Similar to the standard least square solution, the normalized vector sum (green line) is an approximated solution and shows the location of the relocated event (green cross).
The strongest event of each cluster, a cluster representative, was chosen for relocation and was considered as slave event. Clusters consisting of triplets were also taken into account to increase the number of events for statistical robustness. The magnitudes range between 0.3 ≤ M L ≤ 3.0. There are 11 clusters, respectively slave events, whereby the strongest of these slave events with M L = 3 was taken as master event with the coordinates of the main shock. Hence, the accuracy of the relocated events depends on the accuracy of the main shock epicentre location, which is about 2 km for the major error ellipse axis and 1.2 km for the minor error ellipse axis, calculated by the LED. The location error for the slave events is in the order of ±150 m. Fig. 8(a) shows the result of the relocation in comparison to the results determined by the temporary and permanent network in Fig. 8(b) (modified after Benn 2006) . The relocated events are displayed in black dots, whereas the median t S -t P time difference of each cluster was taken as depth information for the particular cluster representative. Blue dots are the epicentres. The fault plane orientation is estimated with a line of best fit, determined to 99
• (note that no conclusion about the dip of the main shock plane could be drawn). A relocation error of ±150 m affects the accuracy of the fault plane calculation to approximately ±12
• . The direction of 99
• ± 12
• fits well with the strike of 109
• which was computed as one nodal plane (NP2) of the main shock and the strike of 120
• calculated with relocated events by Benn (2006) (Fig. 8b) . The rupture length is about 1.2 km (Fig. 8a) . This would yield a rupture area of 1.9 km 2 with the determined rupture width of 1.6 km which coincides well with the determined 2 km 2 by Benn (2006) . However, the length of 1.2 km has to be handled with care because of two reasons. First, we have relocated just one event per cluster and second, the lengths of the dislocation vectors depend on the sampling rate. The lower the sampling rate the worse the resolution, that is, the longer the normalized vector sum. Despite of using an oversampling for relocation an uncertainty in the range of ±200 m remains. Therefore, the rupture length of 1.2 km is only a rough estimation.
In the Black Forest, there exist faults parallel to the Upper Rhine Graben, SSW-NNE to SW-NE, as well as faults oriented WNW-ESE to NW-SE and N-S (Franzke et al. 2003) . The relative location indicates that the Subhercynian and not the Rhenish direction reflects the fault plane orientation (NP2). This means that the main shock occurred on a dextral slip which is in agreement with most of the NW-SE striking fault zones in this area that show, beside some normal faulting events, a dextral slip tendency. Eisbacher et al. (1989) performed deep seismic reflection studies in the Black Forest and Vosges and were able to trace the Todtnau fault zone to a depth of 10 km below the Kandel. Most likely, however, the spatial orientation excludes the Todtnau fault zone as a possible main shock plane. In the vicinity, the epicentre of the main shock is bordered by the SW-NE striking Elztal fault zone to the NW and the NW-SE striking Glottertal fault zone to the SW (Fig. 1) . In the past, a few earthquakes within the Glottertal fault zone in a similar depth of about 12 km indicated its activity (LED, Plenefisch & Bonjer 1997) . Lüschen et al. (1987) showed with a unified exploration program in the Black Forest that the Glottertal fault zone is a southward-dipping, low-angle, normal fault in shallow depth. These characteristics compared to the dip of NP2 make it difficult to link the Waldkirch earthquake with the Glottertal fault zone. Benn (2006) suggests that the Simonswälder valley, which is situated NE of the epicentre, is related to the fault zone (Fig. 1) . Her assumption is based on a fictive extension of the seismogenic zone to the surface which coincides with the valley and on the assumption that the valley is a cross-fault of the Elztal fault zone mentioned by Werveke (1934) . Benn 2006) . Note that we were not able to determine the dip of the main shock plane.
C O N C L U S I O N S
The Waldkirch earthquake on 2004 December 5 with M L = 5.4 resulted in numerous aftershocks. As a result of the flexibility and portability of the small aperture array, and the independency of an external infrastructure like power supply or shelter, we were able to install the small array only 14 hr after the main shock. It enabled the possibility of an intense study of the spatiotemporal behaviour of the aftershocks. The main objective of this paper is to present the results of the data recorded with one small array. During the period of about 39 hr more than 700 events in the magnitude range -1.7 ≤ M L ≤ 3.0 were recorded. By contrast, the temporary and permanent seismic network recorded 232 events with M L > 0.5 within 313 d after the main shock. Data recorded few hours after the main shock contain important information about the focal process and allow a detailed investigation of the evolution of the seismogenic zone which is carried out using a sophisticated similarity analysis. It seems that the seismogenic zone was continuously active during the whole measurement period with a seismicity concentrated in some areas. These areas probably exclude zones where main shock slip was large. The rupture width is determined to 1.6 km in a mean depth of 11.1 km by t S -t P time differences due to the short epicentral distance of the small array. Despite the small aperture array, it is possible to draw a conclusion about the fault plane orientation. A relative location suggests that the main shock plane strikes in Subhercynian direction. We observe an increasing b-value with time and propose that fluids might have played an important role. The presented result coincides well with the results from the temporary and permanent seismic network, which shows the benefit of small arrays for rapid aftershock monitoring.
A C K N O W L E D G M E N T S
The authors would like to thank Stefan Stange for support and the LED in Freiburg for providing their catalogue data. We thank editor F. Krüger and two anonymous reviewers for useful and critical comments which improved the paper. Georg Auernhammer is acknowledged for field assistance. The map in Fig. 1 was partly created using the GMT software (Wessel & Smith 1991) .
